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ABSTRACT
The multiple equilibria of the thermohaline circulation (THC: used here in the sense of the meridional
overturning circulation) as function of the surface freshwater flux has been studied intensively following a
Stommel paper from 1961. It is shown here that multistability and hysteresis of the THC also exist when the
wind stress amplitude is varied as a control parameter. Both the Massachusetts Institute of Technology
ocean general circulation model (MITgcm) and a simple three-box model are used to study and explain
different dynamical regimes of the THC and THC variability as a function of the wind stress amplitude.
Starting with active winds and a thermally dominant thermohaline circulation state, the wind stress amplitude is slowly reduced to zero over a time period of ⬃40 000 yr (40 kyr) and then increased again to its initial
value over another ⬃40 kyr. It is found that during the decreasing wind stress phase, the THC remains
thermally dominant until very low wind stress amplitude at which pronounced Dansgaard–Oeschger-like
THC relaxation oscillations are initiated. However, while the wind stress amplitude is increased, these
relaxation oscillations are present up to significantly larger wind stress amplitude. The results of this study
thus suggest that under the same wind stress amplitude, the THC can be either in a stable thermally
dominant state or in a pronounced relaxation oscillations state. The simple box model analysis suggests that
the observed hysteresis is due to the combination of the Stommel hysteresis and the Winton and Sarachik
“deep decoupling” oscillations.

1. Introduction
The ocean, and the ocean meridional overturning circulation [here referred to as the thermohaline circulation (THC; Wunsch 2002)] in particular, are normally
assumed to play an important role in climate dynamics,
including both past climate variability such as the Heinrich (Heinrich 1988) and Dansgaard–Oeschger (DO)
events (Dansgaard et al. 1984), and possible future climate change (Houghton et al. 2001). The multiple equilibria of the THC (Marotzke et al. 1988; Marotzke and
Willebrand 1991; Stommel 1961), its different variability regimes due to nonlinear convective feedbacks
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(Cessi 1996; Lenderink and Haarsma 1994; Welander
1982; Winton 1993), interactions, and amplification by
sea ice dynamics to result in significant rapid climate
change (Gildor and Tziperman 2003; Kaspi et al. 2004)
as well as due to linear advective dynamics (Griffies
and Tziperman 1995), and its possible proximity to instability thresholds (Tziperman 1997; Tziperman et al.
1994) have been mostly studied as a function of the
freshwater forcing (e.g., Bryan 1986; Gregory et al.
2003; Keeling 2002; Marotzke and Willebrand 1991;
Nilsson and Walin 2001; Stouffer et al. 2006). However,
wind stress is clearly a major driving force of the ocean
circulation, driving both upper-ocean wind-driven circulation and western boundary currents, and a significant portion of the interior ocean mixing (Wunsch and
Ferrari 2004). One therefore wonders what role the
wind plays in the dynamics of the THC.
It is expected that the nonlinear ocean convection
processes, large-scale advective THC dynamics, and the
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wind-driven circulation are tightly coupled (Edwards et
al. 1998; Hasumi and Suginohara 1999; Kohl 2005;
Longworth et al. 2005; Oka et al. 2001; Pasquero and
Tziperman 2004; Shaffer and Olsen 2001; Timmermann
and Goosse 2004; Toggweiler and Samuels 1995;
Tsujino and Suginohara 1999; Vallis 2000). The impact
of the wind stress on the THC was studied using a
simple box model by Stommel and Rooth (1968), followed by some more recent studies (Guan and Huang
2007; Longworth et al. 2005; MacMynowski and Tziperman 2006; Pasquero and Tziperman 2004). In addition,
Timmermann and Goosse (2004) showed that gyration
is essential for the existence of the THC of the Atlantic
Ocean, while Hall and Stouffer (2001) indicated that
abrupt climate events can result from the existence of
winds in the North Atlantic.
The goal of this paper is to study the effect of winddriven circulation on the THC, its stability, and variability regimes. Using an ocean general circulation
model (OGCM) we find that the wind forcing, the nonlinear convectively induced DO-like variability, and the
classic Stommel (1961) hysteresis are all strongly
coupled in a very interesting manner. Specifically, we
find that when decreasing the wind stress amplitude
slowly (such that the model is always in equilibrium
with the wind forcing), the model incurs different dynamical regimes, from a steady THC that is thermally
dominant, to a nearly collapsed THC, to large DO-like
relaxation oscillations as were previously observed
(e.g., Kaspi 2002; Kaspi et al. 2004; Lenderink and
Haarsma 1994; Rahmstorf and Ganopolski 1999; Vallis
2000; Wang and Mysak 2006; Winton 1993; Winton and
Sarachik 1993). However, when increasing the wind
stress slowly to its original value, these oscillations persist up to a much larger wind stress amplitude. Thus our
two main novel findings are that (i) changes to the wind
stress may change the dynamics of the THC, from
stable THC to relaxation oscillations of THC and vice
versa, and (ii) for the same wind stress amplitude two
THC dynamics are possible, one with steady THC and
one with strong relaxation oscillations of the THC.
We find that these seemingly surprising results have
a simple and intuitive explanation. The winds control
the amplitude of the wind-driven circulation, which in
turns acts to horizontally mix the upper-ocean water
between the midlatitudes and higher latitudes (Longworth et al. 2005; Oliver et al. 2005; Saltzman 2002;
Stommel and Rooth 1968). This mixing increases the
density of the high-latitude surface water by bringing
low-latitude, high-salinity water that then cools and
therefore becomes dense. This, in turn, affects the amplitude of the THC and can lead to the usual Stommel
hysteresis that is normally found when changing the
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freshwater forcing. The weaker THC regime sometimes
results in a deep ocean that is warmer and lighter, which
then favors DO-like relaxation oscillations (Ganopolski
and Rahmstorf 2001; Lenderink and Haarsma 1994;
Welander 1982; Winton 1993; Winton and Sarachik
1993). Briefly, the hysteresis with respect to the wind
stress is associated with Stommel (1961) freshwater flux
hysteresis, while the relaxation oscillations observed for
some wind stress amplitudes are associated with Winton and Sarachik (1993) relaxation oscillations.
The rest of the paper is organized as follows. We first
describe the OGCM used in this study (section 2). We
then present the results obtained by this OGCM (section 3). Next, a simple three-box model is presented to
explain the OGCM results as a combination of Stommel and Winton mechanisms driven by the wind stress
changes (section 4). We conclude in section 5.

2. Model configuration
a. The OGCM
We use the Massachusetts Institute of Technology
general circulation model (MITgcm) (Adcroft et al.
2002; Marshall et al. 1997a,b). The MITgcm solves the
primitive equations for the ocean, and is a free surface,
finite volume, z-coordinate model with shaved bottom
cells. It has several state-of-the-art subgrid parameterizations and boundary layer schemes. The model was
applied to many problems over a wide range of spatial
(from resolution of few meters to resolutions of several
degrees) and temporal scales (Adcroft et al. 2002) and
was used in the past with similar idealized configuration
to the present study (Huang et al. 2003).
A box-geometry idealized model configuration is
used. The depth is set uniformly to 4.5 km with 15
vertical levels of depth 20, 30, 40, 50, 60, 100, 150, 300,
400, 500, 550, 550, 550, 600, and 600 m. The horizontal
double-hemisphere configuration, which seems preferable over a single hemisphere configuration for studying the THC (Dijkstra and Molemaker 1997), uses a
resolution of 3° in latitude and longitude with 45 grid
points in the meridional direction from 67.5°S to 67.5°N
and 19 grid points in the zonal direction. The Redi
(1982) and Gent and McWilliams (1990) parameterizations are used, together with the implicit vertical diffusion scheme of the MITgcm. Asynchronous integration
(Bryan 1984) is used with a momentum time step of 1 h
and a tracer time step of 10 h.

b. The surface forcing fields
We use mixed boundary conditions, that is, specified
freshwater flux and restoring for surface temperature
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(Bryan 1986). We verify below that our main results are
not sensitive to the parameters involved in these oversimplified boundary conditions. The restoring temperature field, the evaporation minus precipitation field,
and the wind stress field, are all zonally uniform and
meridionally symmetric with respect to the equator.
The evaporation minus precipitation field is similar to
that of Wang et al. (1999). It is characterized by net
evaporation in the subtropics and net precipitation elsewhere, broadly similar to the observations; the evaporation minus precipitation is maximal at 18°S and 18°N
with value of 0.63 m yr⫺1 and is minimal at 60°S and
60°N with a value of ⫺0.56 m yr⫺1 and secondary minimum at the equator with a value of ⫺0.38 m yr⫺1. Here
E ⫺ P is given by
E ⫺ P ⫽ ⫺0.0103共36.5491 ⫺ 2.388 ⫻ 103 sin2
⫹ 1.963 ⫻ 104 sin4 ⫺ 6.556 ⫻ 104 sin6
⫹ 1.083 ⫻ 105 sin8 ⫺ 8.703 ⫻ 104 sin10
⫹ 2.703 ⫻ 104 sin12兲,

共1兲

where  is the latitude in radians and E ⫺ P is in meters
per year. In the following we use this evaporation minus precipitation field multiplied by a factor of either
fe⫺p ⫽ 0.6 or 0.7.
Easterly winds are specified in the low latitudes and
westerlies in the high latitudes, resulting in a zonal wind
stress field,

x ⫽ ⫺0.1 cos共 Ⲑ0兲 N m⫺2, y ⫽ 0,

共2兲

where 0 ⫽ 66°/180° is the latitude of the ocean’s
highest-latitude grid point.
The restoring temperature is set to
SSTrestoring ⫽ ⫺2 ⫹ 14.5关1 ⫹ cos共 Ⲑ0兲兴,

共3兲

such that it is 27°C at the equator and ⫺2°C at the
highest latitudes. The restoring time scale is set to 24
days (the depth of the surface layer is 20 m), consistent
with the estimate of Haney (1971). In some of the sensitivity tests below we also use restoring times of 12 and
48 days.

c. Model spinup
The simulation is initiated from a stratified ocean at
rest with a uniform salinity (34.85 psu) and a specified
temperature profile varying from 22°C at the top to
0°C at the bottom. A small temperature and salinity
anomaly was introduced into the initial conditions in
the northern high latitudes to break the meridional
symmetry and force a northern sinking solution. The
model was then run for 8000 years with the freshwater

FIG. 1. Maximum meridional overturning circulation as a function of time for (a) freshwater coefficient fe⫺p ⫽ 0.6 and (b) freshwater coefficient fe⫺p ⫽ 0.7. The linear curve represents the wind
stress coefficient. It is noticeable that, although the onset of the
relaxation oscillations occurs for relatively low wind stress, the
recovery to the initial overturning state occurs for much larger
wind stress.

flux (1) using amplitude of fe⫺p ⫽ 0.6, resulting in a
steady-state maximum meridional overturning circulation of 17.6 Sv (Sv ⬅ 106 m3 s⫺1). These spinup results
are used as initial conditions for the numerical experiments described below.

3. Results
Starting from the spinup solution, we run the model
for 80 kyr where we decrease the zonal wind stress
amplitude linearly in time over the first half of the
simulation, and then increase it again to its original
value over the second half of the simulation (Fig. 1). As
the wind stress amplitude decreases, the meridional
overturning circulation initially remains almost constant, with a slight increase in the maximum overturning circulation. After 34 kyr, relaxation oscillations of
the meridional overturning circulation start.
The simulation of the entire period of slowly decreasing and increasing wind stress is shown in Fig. 1a, using
the freshwater field of (1) with fe⫺p ⫽ 0.6. The maximum meridional overturning circulation then remains
almost constant, until the wind stress is very weak,
when relaxation oscillations start. These oscillations
persist at least for another 25 kyr and continue with
smaller amplitude afterward for another 5 kyr. The
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FIG. 2. The OGCM solution for a wind stress strength in the
vicinity of the onset of the relaxation oscillations: (a) maximum
meridional overturning circulation (Sv), (b) average upper polar
ocean temperature (squares) and average deep polar ocean temperature (triangles), and (c) average upper ocean salinity
(squares) and average deep ocean salinity (triangles). The polar
ocean is defined between 52.5° and 67.5°N. The upper ocean is
defined between z ⫽ ⫺1175 m and the sea surface while the deep
ocean is defined between z ⫽ ⫺4500 m and z ⫽ ⫺1175 m.

solid linear curve in Fig. 1a indicates the magnitude of
the wind stress field given by Eq. (1).
The range of wind amplitude at which the oscillations
exist is very different when the wind is decreased from
when it is increased. Thus, there is a large regime of
wind stress amplitude where both a steady THC state
and large relaxation oscillations of the THC can exist.
This is the hysteresis with respect to the wind stress
amplitude. Unlike the Stommel (1961) hysteresis between steady states, this is a hysteresis between a steady
state and an oscillatory regime. Using a three-box
model, we demonstrate in the next section the possibility of (i) both salinity and thermally dominant THC
states, (ii) two thermally dominant THC states, and (iii)
a thermally dominant THC state and an oscillatory regime of THC under the same wind coefficient.
As the wind crosses the threshold that leads to the
new regime at 34 kyr, there is a shutdown of the meridional overturning circulation (Figs. 2a and 3, upper
panels). This is due to the fact that less low-latitude
high salinity water is transferred by the wind-driven
circulation to the high latitudes and then cooled there,
increasing the high-latitude water density. The weakened wind results in less transport of such salty water
and causes the high-latitude surface water to become
lighter than the deep water, thus resulting in a stronger
stratification and reduced sinking. This results in the
“decoupling phase” of the surface from the subsurface
waters, as described by Winton (1993). As a result,
there is no supply of cold water to the deep ocean and
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thus the deep ocean temperature increases due to heat
diffusion from lower latitudes; accordingly, the deep
ocean density decreases. This results in an increase of
the THC (Figs. 2b,c) with further increase of the density via the advective THC feedback (Dijkstra 2000).
Still, in the very high latitudes, namely, 64.5°–67.5°N,
the upper-ocean density is increasing relative to that of
the deep ocean due to the effect of the cold atmospheric temperatures. These stages can be seen in the
snapshots depicted in Figs. 3e,f,g.
At some point deep ocean water becomes lighter
than the very high latitude surface water and enhanced
sinking is initiated; this is the “coupled phase” of Winton (1993). Owing to this enhanced sinking, the meridional overturning circulation is restarted at a much
larger amplitude and reaches a value of more than 40
Sv in this model (Figs. 3d, 2a). Later, the THC returns
to its original rate, when the cycle starts again.
In Fig. 4 we show the sea surface salinity of the upper
ocean (averaged over depths 200 to 20 m) at the beginning of the simulation (Fig. 4a) and before the onset of
oscillations (Fig. 4b). In both panels the THC is almost
the same; however, the salinity gradient is larger when
the wind stress is weaker (Fig. 4b), a fact that indicates
weaker mixing between the low and high latitudes
when the wind stress is weaker. We use this fact in the
construction of the box model presented below.
To examine the robustness of the wind-induced THC
hysteresis, we repeated the above simulation for a different evaporation minus precipitation field using
fe⫺p ⫽ 0.7 (Fig. 1b). This results again in the onset of
oscillations of the maximum meridional overturning
circulation as the wind stress amplitude weakens, and in
a hysteresis behavior. There are quantitative differences as the onset of oscillations is for larger wind stress
value (Fig. 1b) than with the weaker freshwater forcing
(Fig. 1a); this is due to the high-latitude waters that
become lighter, even for relatively large wind stress,
due to the larger freshwater flux used in this run.
To check the stability of the results presented in Fig.
1 we run two simulations for 20 kyr (Fig. 5) starting
from initial conditions associated with stable THC and
oscillatory THC (times of 30 and 46 kyr in Fig. 1) with
a temporally constant wind stress field. The stable THC
(Fig. 5a) as well as the oscillatory THC (fig. 5b) persist
throughout the long simulation, indicating that the results of Fig. 1 are not due to transient effects.
As a further test of the robustness of our results,
consider the hysteresis plots for different values of the
SST restoring times, depicted in Fig. 6. Figure 6a repeats the reference results of Fig. 1a with a restoring
time of 24 days. Figure 6b shows that a shorter restoring
times of 12 days results in more rapid oscillations, due
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FIG. 3. Snapshots of the OGCM hysteresis simulation during the times indicated by the vertical dashed lines in Fig. 2; the time
direction is from left to right: first column corresponds to t ⫽ 33.8 kyr, second to t ⫽ 34 kyr, third to t ⫽ 35.1 kyr, and the fourth to
t ⫽ 35.2 kyr. These snapshots depict the first relaxation oscillation of the simulation: (top) meridional overturning circulation, (middle)
zonally averaged temperature, and (bottom) zonally averaged salinity.

to the faster response to the restoring temperature.
With a weaker restoring of 48 days (Fig. 6c), there are
no relaxation oscillations because of the stabilizing effect of longer restoring times on the THC (Rahmstorf
and Willebrand 1995).
We conclude that the wind-induced hysteresis occurs
for several choices of model parameters and does not
seem to be an artifact of the simplified surface boundary conditions. It is yet to be shown that the hysteresis
also exists with a higher spatial resolution or under a
different convective adjustment scheme. We note that
the relaxation oscillations seem to be weakly chaotic.
As a result, their precise onset time and individual characteristics may be sensitive to various model parameters, although the general model regimes are still robust as shown above.

4. A three-box model of the hysteresis with
respect to wind stress
To better understand the hysteresis with respect to
the wind stress described in the previous section we
construct a simple box model, attempting to couple the
mechanisms of Stommel (1961), Winton (1993), and
Winton and Sarachik (1993), as well as adding the elements of a varying wind forcing rather than freshwater
flux.
The model is a simple generalization of the three-box
model of Winton (1993). It consists of two surface
boxes, associated with the low and high latitudes of the
North Atlantic, and one deep ocean box (Fig. 7). The
boxes exchange heat and salt due to mixing processes.
The surface boxes are relaxed to specified atmospheric
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FIG. 4. The average sea surface salinity at (a) the beginning of the simulation and (b) just before the onset of the
relaxation oscillations (at t ⫽ 33.8 kyr) presented in Fig. 1a. The average is over 200–20-m depth. The contours
show the average current magnitude in meters per second.

temperatures. In addition, there is a salinity flux Fs
from the high-latitude box to the low-latitude box (corresponding to an atmospheric freshwater flux in the
opposite direction) that makes the high-latitude box
fresher. To this formulation of Winton (1993), we add a
new advection term due to a volume flux q, which represents the THC through all boxes and is determined by

FIG. 5. Maximum meridional overturning circulation vs time
under fixed wind stress amplitude (wind stress coefficient of
0.175) starting from initial conditions corresponding to times (a)
30 and (b) 46 kyr of Fig. 1a. Although the boundary conditions are
the same, the first initial conditions lead to stable THC while the
others lead to strong relaxation oscillations.

FIG. 6. As in Fig. 1 but for a freshwater coefficient of 0.6, and
temperature restoring times of (a) 24 (as in Fig. 1a), (b) 12, and
(c) 48 days. The relaxation oscillations are more rapid for stronger
restoring (b), while they vanish for weaker restoring (c).
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The salinity and temperature of the low-latitude/
high-latitude/deep ocean boxes are annotated by Sl, Sh,
Sd, and Tl, Th, Td, respectively. The equations that govern the changes in the salinity and temperature of the
boxes are
dSl
Mlh ⫹ Mw
Fs
q ⫹ Mld
⫽2
共Sd ⫺ Sl兲 ⫹ 2
共Sh ⫺ Sl兲 ⫹ ,
dt
hL
hL
h
共6兲
q ⫹ Mlh ⫹ Mw
Fs
dSh
Mhd
⫽2
共S ⫺ Sh兲 ⫹ 2
共Sl ⫺ Sh兲 ⫺ ,
dt
hL d
hL
h
共7兲
Mld
dSd q ⫹ Mhd
⫽
共Sh ⫺ Sd兲 ⫹
共S ⫺ Sd兲,
dt
HL
HL l

FIG. 7. Three-box model configuration.

the density gradient between the surface boxes (Stommel 1961),
q ⫽ k共 共Th, Sh兲 ⫺  共Tl, Sl兲兲,

共4兲

where k is a proportionality constant and the equation
of state is the one used by Winton (1993),

 共T, S兲 ⫽ 0.79S ⫺ 0.0611T ⫺ 0.0055T 2,

共5兲

which is a fit of  in the temperature range from 0° to
15°. Note that it is necessary to use a nonlinear equation of state to obtain the relaxation oscillations reported by Winton (1993); we also used the UNESCO
Equation of State (UNESCO 1983) and obtained similar results to those described below. Unlike the original
model of Stommel (1961), we restrict the volume flux to
always be positive (i.e., sinking always occurs in the
high-latitude box, and the circulation cannot reverse).
This is motivated by the fact that ocean general circulation models do not exhibit a reversed THC state with
sinking in low latitudes (Bice and Marotzke 2001)—
once q as calculated by (4) becomes negative it is set to
zero. Another modification we make to Winton’s
model is the addition of the effect of the wind forcing
and wind-driven circulation on the horizontal mixing
between the surface boxes. We expect the wind-driven
horizontal gyres to mix high-latitude and low-latitude
upper-ocean water masses, and therefore crudely represent the effect of the wind-driven circulation as mixing between the low- and high-latitude boxes, with the
corresponding mixing coefficient being Mw. Similar
treatments of this effect were used in simple models
(Longworth et al. 2005; Saltzman 2002; Shaffer and
Olsen 2001; Stommel and Rooth 1968), yet the specific
form used in these models for the wind-induced mixing
term is clearly arbitrary and needs further examination
using OGCM simulations.

共8兲

Mlh ⫹ Mw
q ⫹ Mld
dTl
⫽2
共Td ⫺ Tl兲 ⫹ 2
共Th ⫺ Tl兲
dt
hL
hL
⫺ ␥ 共Tl ⫺ T *l 兲,

共9兲

dTh
q ⫹ Mlh ⫹ Mw
Mhd
⫽2
共Td ⫺ Th兲 ⫹ 2
共Tl ⫺ Th兲
dt
hL
hL
⫺ ␥ 共Th ⫺ T *h兲,

and

dTd q ⫹ Mhd
Mld
⫽
共Th ⫺ Td兲 ⫹
共T ⫺ Td兲,
dt
HL
HL l

共10兲
共11兲

where the description and the value of the parameters
are given in Table 1. These equations describe the
amount of salt and heat entering/leaving the boxes plus
the contribution of the surface fluxes. The vertical mixing coefficients are determined according to the stratification; when the density of a surface box is larger than
the bottom box density, convection is initiated and the
vertical mixing coefficient Ml,hd drastically increased:
Ml,hd ⫽ Cl,hM ,

共12兲

where Cl,h increased from 1 to 10 if  (Tlh, Slh) ⬎  (Td,
Sd).
Winton (1993) showed that it is possible to obtain
(self-sustained relaxation) oscillations of the salinity
and temperature of the boxes for certain values of surface salinity flux Fs. However, our addition of the volume flux q between the low- and high-latitude boxes
add the possibility of the Stommel (1961) hysteresis to
the model. It is interesting to see how these two different mechanisms interact.
Figure 8 shows the box model’s variables for the case
in which the wind-induced mixing coefficient Mw decreases linearly over 40 kyr and then increases linearly
over another 40-kyr period, as was done using the
OGCM (section 3). The volume flux q remains ther-
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TABLE 1. The parameters for the three-box model.

Parameter

Short description

Value

W
H
h
L
V
Vd
T*l
T*
h
Fs

Zonal dimension
Depth of the bottom box
Depth of the surface boxes
Meridional dimension of the bottom box
Volume of surface boxes
Volume of bottom box
Atmospheric (restoring) temperature of the low-latitude box
Atmospheric (restoring) temperature of the high-latitude box
Surface salinity flux

M
Cl,h
Mlh

Vertical background mixing coefficient
Low/high-latitude vertical convection coefficient
Horizontal mixing coefficient

Mw

(Maximum) wind mixing coefficient

␥
k

Surface temperature relaxation constant
Volume flux constant

5000 km
4000 m
100 m
7000 km
hLW/2 ⫽ 1.75 ⫻ 106 km3
HLW ⫽ 1.4 ⫻ 108 km3
15°C
0°C
35 psu ⫻ 2.824 m yr⫺1,
35 psu ⫻ 4.12 m yr⫺1
Vd/(400 yr) ⫽ 11.0984 Sv
10
V/(2.5 yr) ⫽ 22.1969 Sv,
V/(1.25 yr) ⫽ 44.3937 Sv
Mlh /5 ⫽ 4.439 Sv,
Mlh /20 ⫽ 2.22 Sv
8 ⫻ 10⫺6(m s⫺1)/h ⫽ 1/(144.676 days)
0.76V ⫽ 42.174 Sv/(kg m⫺3),
2V ⫽ 110.984 Sv/(kg m⫺3)

mally dominant for the first half of the simulation, that
is, the first 40 kyr (Fig. 8). Just when the wind coefficient is very close to zero, the volume flux q becomes
zero [i.e., circulation switches to the salinity-dominant
reversed THC state of Stommel (1961) and is being
reset to zero]. After approximately 5 kyr, relaxation

oscillations very similar to the ones observed by Winton
(1993) and in our OGCM experiments are initiated.
These oscillations and the hysteresis with respect to the
wind stress are very similar to the one obtained by the
OGCM and are shown in Figs. 1 and 6. Moreover, there
are indications for two thermally dominant states under

FIG. 8. Three-box model variables as function of time during the hysteresis experiment in
which the wind coefficient is decreased very slowly to zero over 40 kyr and then increases
again over another 40 kyr. (a) Volume flux q (Sv) in black and wind coefficient in grayscale.
(b) The temperature of the boxes. (c) The salinity of the boxes. Note that under the same wind
coefficient the model exhibits both a stable thermohaline circulation state with sinking at high
latitudes and relaxation oscillations of the thermohaline circulation.
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FIG. 9. Thermohaline volume flux q as function of time during the hysteresis run with slowly
changing wind-induced mixing coefficient. As in Fig. 8a but with respect to the wind coefficient. The gray areas indicate the wind coefficient for which there are multiple volume flux
states: left gray rectangle—thermally dominant state together with shut down and relaxation
oscillation state, and right rectangle—two thermally dominant states.

the same wind coefficient (Fig. 9). More precisely, until
20 kyr the volume flux q is approximately 16 Sv when
then there is a jump to a lower thermally dominant
state with approximately 12 Sv. The transition back to
the higher values of volume flux (i.e., during the increasing wind coefficient phase) occurs at a much
higher wind amplitude (Fig. 9).
The box temperatures are shown in Fig. 8b and the
box salinities in Fig. 8c. The temperature and salinity
exhibit similar behavior to that of the volume flux
shown in Fig. 8a. It is noticeable that in the oscillation
regime (between ⬃40 and ⬃60 kyr) the deep box temperature, Td, decreases linearly similar to the OGCM
results (not shown).
We repeat the simulation for different parameter values and obtain similar results, demonstrating again the

robustness of the wind-induced THC hysteresis. One
example, characterized by a larger regime of oscillations, is seen in Fig. 10. The parameter values are given
in Table 1, the second values.
To make sure that the oscillations shown in Figs. 8
and 10 are indeed self-sustained and not a transient
effect, we run the model with fixed wind coefficient
values starting from the initial conditions in the oscillation regime (indicated by the vertical dashed lines).
The results are shown in Fig. 11—the oscillations persist without decaying. From Figs. 8 and 10 it is clear that
the frequency of the oscillations becomes greater as the
wind coefficient becomes larger. Figure 11a shows the
oscillations in a regime that is close to the onset of the
oscillations and is thus characterized by weaker frequency oscillations. On the other hand, Fig. 11b shows

FIG. 10. As in Fig. 8 but for the second choice of parameter in Table 1.
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Stommel (1961) hysteresis with convective relaxation
oscillations of Winton (1993), Winton and Sarachik
(1993), and with the wind mixing effects—in the box
model, an excitation from a zero flux to highly enhanced flux occurs exactly when the flux becomes thermally dominated (see Figs. 9, 10). We therefore feel
that the box model has been exceptionally useful in
helping to decipher the OGCM results.

5. Summary and discussions

FIG. 11. Oscillations of the box model thermohaline volume q
flux with fixed wind coefficient, Mw ⫽ Mlh /40, (a) for Fig. 8 configuration (as indicated by the vertical dashed line) and (b) for
Fig. 10 configuration (as indicated by the vertical dashed line).
Note that the oscillations persist without decay for 10 kyr.

larger frequency oscillations for a wind-induced mixing
coefficient that is farther from the onset of oscillations.
Such a property is not observed clearly in the OGCM
simulations shown in Figs. 1 and 6 although there are
indications in that direction.
Our box model formulation assumes that the THC
cannot reverse (q must remain positive), following the
observation that GCMs, unlike the original Stommel
model, often show several possible states of the THC
including a collapsed or weakened one, but not a reversed state (Bice and Marotzke 2001). We note that,
when allowing for a reversal of the THC as in the original Stommel formulation, we find that the results above
for the wind-induced hysteresis, induced oscillatory domain, etc., are very similar to the results described
above.
Despite the similarity between the results of the box
model and the results of the OGCM there are several
caveats regarding the box model simulations. First, the
salinity flux that we use in the box model (i.e., Fs ⬇ 35
psu ⫻ 3 m yr⫺1; see Table 1) is three to four times larger
than what can be considered realistic. Second, the
OGCM does not show a complete shutdown for several
thousands of years before the onset of oscillations,
while this is often the case in the box model simulations.
Finally, the OGCM shows that oscillations are possible,
even when the wind is decreasing; in the box model we
observe the oscillations just in the increasing wind
phase.
In any case, the close resemblance between the
OGCM (Fig. 1) and box model results (Fig. 8) provides
a reasonably strong indication that the wind hysteresis
in the OGCM indeed involves an interaction of the

Many studies with a hierarchy of models confirmed
the prediction by Stommel (1961) of multiple equilibrium states under the same freshwater flux. However,
the stability of the THC with respect to changes in the
wind stress amplitude seemed to have received little
attention.
Here we report two main results. First, that a decreasing wind stress amplitude may result in the excitation of relaxation oscillations of the meridional overturning circulation, like those reported by Winton
(1993) and Winton and Sarachik (1993). Second, there
is a clear hysteresis of the dynamical regimes (i.e., the
regime of steady-state solution and that of an oscillatory behavior) with respect to the wind stress amplitude. We find that these behaviors can be explained as
being due to an interaction of the Stommel (1961) hysteresis with the deep decoupling oscillation mechanism
of Winton (1993) and Winton and Sarachik (1993). We
also find that the effects of the wind amplitude on the
dynamical regimes of the THC are simply due to the
horizontal mixing effect of the wind-driven circulation
and its effect on salt and heat transfer between the
midlatitude and high-latitude upper ocean.
To obtain these results and understanding, we use a
hierarchical modeling approach, with the results derived using long integrations of a state-of-the-art
OGCM in an idealized geometry, and explained using a
simple box model. To understand the OGCM results
we constructed a simple three box model by adding a
Stommel (1961)–like advection, and a wind-induced
horizontal mixing, to the convective THC oscillations
model of Winton (1993). The simple box model exhibits
similar hysteresis with respect to the wind coefficient as
the OGCM. We find this combination to be most useful
in understanding what seems to be a novel hysteresis
with respect to the wind stress amplitude. It is important to reemphasize, however, that this study was not
concerned with an attempt to simulate a realistic parameter regime, but rather the opposite: our objective
was to explore the dynamical behavior of the THC and
its interaction with the wind forcing for different parameter regimes, which should hopefully contribute to
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the understanding of THC behavior in more realistic
parameter regimes as well.
Relaxation oscillations of the THC (sometimes together with sea ice dynamics) were proposed in the past
to have been associated with past climate events like
the Heinrich events and Dansgaard–Oeschger oscillations (e.g., Alley et al. 2001; Ganopolski and Rahmstorf
2001, 2002; Kaspi et al. 2004; Paillard and Labeyrie
1994; Timmermann et al. 2002; Winton 1993). One expects the wind to be stronger during glacial times due to
the larger equator-to-pole temperature gradient (e.g.,
Alley 2000). Our results indicate that such a regime is
less likely to result in DO-like oscillatory behavior of
the THC. However, such a regime may be forced by a
THC weakening due to freshwater forcing alone, in
spite of the opposing effect of stronger winds.
One of the important lessons from our results, therefore, is the realization that the DO-like regime is determined through a delicate balance between wind and
freshwater forcing. We hope that other GCM results
will try to examine these conclusions, perhaps in a more
realistic geometry and with a more realistic representation of atmospheric feedbacks.
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